The water column of Lake Baikal is extremely weakly-but permanently-stratified below 250 m. Despite the thickness of this relatively stagnant water mass of more than 1000 m, the water age (time since last contact with the atmosphere) is only slightly more than a decade, indicating large-scale advective exchange. In the stratified deep water, the fate of water constituents is determined by the combined action of advective processes (deep-water intrusions) and small-scale turbulent vertical diffusion.
Lake Baikal, located in the Great Baikal Rift zone in eastern Siberia, is by volume (23,015 km 3 ) and by depth (maximum: 1,632 m) the earth's largest freshwater body (Shimaraev et al. 1994) . Since Lake Baikal is one of the oldest freshwater basins (Golubev et al. 1993 ) and because it faces extreme conditions, including several months of ice cover, large depth, a long water residence time (ϳ350 years), and low nutrient concentration, it developed to a unique ecosystem, which gives habitat to more than 1,500 endemic species (Martin, 1994) . Topographically, the lake consists of three main basins (south, middle, and north) which are formed by sills reaching up to about 300 m (Fig. 1) . The south basin (maximum depth: 1,432 m) is the main focus of this study.
As with most temperate natural waters, during the summer the vertical temperature gradient of Lake Baikal is positive throughout the entire water column leading to stable density stratification with surface temperature above 14ЊC. Since the temperature of maximum density T md [ЊC] of near-surface
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We are indebted to Mike Schurter and Ruslan Gnadovsky for their help with the field campaign. We thank Michael Sturm and Rolf Kipfer for logistic and organizational support, the Swiss Federal office for Education and Science (BBW) for financial support, and Daniel Schenker for mathematical assistance in analysis of the velocity spectra. Current and thermister data were obtained during a 2-y mooring experiment on Geochemistry, Particle Formation and Sediment Sources (GEOPASS) funded by EAWAG and the British National Environmental Research Council (NERC). In addition, freshwater (ϳ4ЊC) is significantly above 0ЊC and since the surface freezes during the cold season, the surface layer becomes inversely stratified with respect to temperature while stably stratified with respect to density. Therefore, the water column of Lake Baikal is characterized by a surface layer above ϳ250 m (Peeters et al. 1996 ) and a permanently stratified deep water mass (PSDW) below. Periodically, the surface layer is density stratified (summer and winter) and subject to free convection due to near-uniform temperature (late spring and late fall), with the thickness of the surface layer depending on the rates of winter cooling and wind-induced mixing.
As a result of the thermal structure of Lake Baikal, the deep water is permanently and stably stratified. Therefore one would expect the water constituents to be exchanged by small-scale turbulent processes only. As the stably stratified water column is up to ϳ1,400 m thick, the corresponding time scales for vertical exchange should be hundreds of years [(1,400 m) 2 /10 Ϫ4 m 2 s Ϫ1 ϳ 600 yr]. It was a great surprise that deep water ages, determined independently from vertical distributions of tritium/helium (Craig 1989; Hohmann et al. 1998) as well as fluorochlorocarbons, CFCs , showed time scales of only 10 to 18 yrs. The high oxygen concentration even at great depth (greater than 80% of saturation, Weiss et al. 1991) , corroborate rapid deep water renewal. Profile maxima of CFCs and oxygen, sporadically found in the deepest layers of the three basins call for a large-scale advective deep water renewal down to maximum depth Shimaraev et al. 1993) .
One way to quantify deep-water renewal is to identify and observe 'density-producing' processes. Density might be in- (S, M, N) in the south, middle, and north basin, as well as the wind station (WS) are indicated. Thermistor and ADV current meter data were collected at station S. The inset displays the depth (height above bottom) of the two thermistor strings and the ADV current meter moored at S. creased due to temperature (T) changes, salinity (S) increases, or due to the addition of particles or other water constituents (e.g., by Selenga River inflow; Hohmann et al. 1997) . Deep-water renewal might also be caused by thermobaric instability subsequent to wind-induced vertical dislocation of surface water Carmack and Weiss, 1991; Killworth et al. 1996; Walker and Watts, 1995) , or by non-linear effects under mixing of equally dense water with different T-S compositions (Peeters et al. 1996) . However, there is no consensus yet on the relative importance of the various possible deep-water renewal mechanisms.
A complementary way to investigate deep-water renewal is to quantify vertical diffusivity, since it competes with large-scale advection in the vertical distribution of the different water constituents C i . If large-scale deep water renewal occurs several times over decades, one can expect 'quasi'-steady-state profiles C i (z) to build up (z: depth; positive upward). They reflect the advection-diffusion-reaction flux balance given by w(z)·C i (z) Ϫ K(z)·‫ץ‬C i (z)/‫ץ‬z ϩ F S,i (z) ϭ 0, where w(z) is the vertical upward velocity due to the input volume per area and F S,i is the flux of sources and sinks (e.g., oxygen consumption). Consequently vertical diffusivity K(z) contains information on deep water renewal. Such an approach has been used by Killworth et al. (1996) , who developed an advection-diffusion-reaction model to investigate deep-water renewal. By fitting modeled concentration profiles of CFCs, oxygen, tritium and helium to their data, they obtained an upwelling rate of about 500 km 3 a Ϫ1 at 400 m, and vertical turbulent diffusivity of order 10 Ϫ6 m 2 s Ϫ1 .
Frank Peeters (pers. comm.) , with a similar approach and the same type of tracers, has estimated vertical diffusivity to be much greater (order 5 ϫ 10 Ϫ4 m 2 s Ϫ1 ). Other workers (Shimaraev and Granin, 1991; Shimaraev et al. 1994) have employed the heat budget method obtaining vertical diffusivities (averaged over several months) again of order 10 ϫ 10 Ϫ4 m 2 s Ϫ1 . In this study, we estimate the vertical diffusivity without tracers. Thus, we are free of limitations of tracer methods such as assumptions about the initial distribution of tracer and about which processes are being measured. The technique is based on a balance of turbulent kinetic energy (TKE). We collected temperature microstructure profiles that resolve the turbulent structure of temperature and thereby provide information on small-scale mixing. Analysis of the profiles led to estimates of TKE dissipation and subsequently vertical diffusivity. Since it is known, that boundary mixing is an important source of TKE in deep natural waters (Wüest et al. 1996; Goudsmit et al. 1997) , we also estimate the dissipation of TKE in the bottom boundary layer of the south basin. Finally the microstructure and current turbulence data are integrated in an energy budget in order to address spatial and temporal issues of energetics and mixing.
The presented data were collected during five cruises, organized by the Baikal International Center of Ecological Research (BICER) during December 1995, June and July 1996, December 1996, July 1997 and December 1997. The analyzed data consists of: wind data sampled at the shore of the south basin (WS in Fig. 1 ); 8 CTD profiles (taken monthly from RV Vereshchagin during 1996 and 1997); 25 temperature microstructure profiles from the three basins to a depth of 600 m (collected from RV Titov in June/July 1996); a two year record of twice daily ϳ25 min current bursts (at 1/3 Hz) with a 2D acoustic Doppler velocity (ADV) meter at 4 or 105 m above bottom in 1390-m deep water in the south basin (S in Fig. 1) ; and a two year record of average current every 20 min measured with the same ADV.
Temperature stratification and diapycnal mixing
Annual cycle of the temperature structure in the south basin-The seasonal evolution of the vertical temperature structure in Lake Baikal during 1996-1997 is depicted in Fig. 2a,b . Temperature contours in the top 300 m (Fig. 2a) indicate the summer and winter stratification of the surface and the nearly uniform temperature during transitional periods in early summer and early winter. Significant changes to the temperature stratification (inverse in winter) are confined to the top 150 m. Selected CTD-temperature profiles from the south basin (below 300 m; Fig. 2b ) demonstrate the permanent character of the deep-water stratification though the 1997 data suggests near-bottom cold water intrusions.
Although below 250 m the water column is permanently stratified, stability, N 2 ϭ g[␣·‫ץ/ץ‬z Ϫ ␥ (‫ץ‬k 20 /‫ץ‬z)] [s Ϫ2 ], is extremely low compared with other natural waters. Here, ‫/ץ‬ ‫ץ‬z is the potential temperature gradient, ‫ץ‬k 20 /‫ץ‬z is the gradient of the electric conductivity, ␥ : the ratio of the density increase per electric conductivity increase, g is the acceler- Temperature profiles (below 300 m) from the South basin. The profiles are an average from 8 CTD profiles taken on the specified day. The upper and lower scales apply to the 1996 and 1997 profiles, respectively. ation due to gravity. The weakness of the stratification (N 2 ϳ 2 ϫ 10 Ϫ8 s Ϫ2 ) is due to (1) the extremely small ‫,‪z‬ץ/ץ‬ (2) the small coefficient of thermal expansion ␣ at temperatures close to the temperature of maximum density (T md ϳ 3.98Ϫ0.0021 [C m Ϫ1 ] ϫ depth [m]) and (3) the lack of significant salinity gradients (Hohmann et al. 1997) . Generally, the water column stability is determined by the vertical temperature gradient. However, near T md the temperature-gradient contribution to N 2 vanishes (␣ ϳ 0) and stability is determined by the vertical salinity gradient.
Such low stability in the permanently stratified deep water (PSDW) calls for large scales (⑀·N Ϫ3 ) 1/2 of shear induced eddies. The large depth of the water body, in contrast, gives rise to low dissipation rates ⑀ [W kg Ϫ1 ] and weak mixing. We were therefore curious about the properties of the smallscale turbulence and the corresponding diffusivity in the PSDW. In the next section, a diffusivity estimate based on monthly temperature profiles and a heat budget will be presented. In the following section, a diffusivity estimate based on temperature microstructure data will also be presented.
Vertical diffusivity inferred from monthly temperature profiles-The vertical diffusivity K z [m 2 s Ϫ1 ] in the stratified deep water of the south basin was estimated by applying the heat budget method (Powell and Jassby 1974) to a set of monthly CTD profiles below 200 m. Each monthly profile was the arithmetic mean of 8 CTD casts and was thus a rough basin average. The heat budget method is based on the assumption that at depth z, the vertical turbulent transport of heat, ·c p ·K z (z)·A(z)·‫ץ‬T(z)/‫ץ‬z, is equal to the rate of change of heat content below z, given by
where A(zЈ) is the cross-sectional lake area at depth zЈ and c p is the specific heat. The diffusivity is then determined by:
Eq.
(1) was used to study temperature profiles covering the period from June to December in both 1996 and 1997 (Fig. 2b) . Vertical gradients, ‫ץ‬T(z)/‫ץ‬z, as well as temporal changes, ‫ץ‬T(zЈ)/‫ץ‬t, were determined for both seasons based on 6 monthly profiles. The heat budget method was successfully applied on the 1997 CTD data. For 1997, K z was estimated to be about 10 Ϯ 5 ϫ 10 Ϫ4 m 2 s Ϫ1 between 200 and 300 m below the surface and about 3 Ϯ 3 ϫ 10 Ϫ4 m 2 s Ϫ1 between 300 and 600 m below the surface (Fig. 3) . These estimates were based on the assumption of no heat increase below 900 m. In fact, the CTD data indicated that the temperature was decreasing below 900 m over this period (probably as a result of cold water intrusions). Since such deep cold water intrusions might diffusively cool the water above, they might lead to an underestimate of K z . Confidence intervals shown in the figure are based on the uncertainty in the temporal temperature gradient ‫ץ‬T(zЈ)/‫ץ‬t.
With the 1996 CTD data, reliable K z estimates were not possible at any depths. Monthly CTD profiles indicated that the temperature in the PSDW did not increase monotonically as one would expect from pure diffusive processes. Instead, the temperatures varied considerably (positively and negatively) in the sequential CTD profiles (Fig. 2b) . The lack of a trend in temperature may be related to the lower wind energy input following ice break-up in 1996 relative to 1997.
The uncertainty and difficulty in K z estimation is due to lateral temperature heterogeneity and the subsequent horizontal heat flux. In some cases, uncertainty may be reduced by averaging profiles over several years (Shimaraev and Granin 1991) . Alternatively, a much larger number of profiles might be sufficient to account for lateral heterogeneity. In the latter case, more sophisticated error analysis (Jellison and Melack 1993 ) might be appropriate.
Given their uncertainty, the heat-budget K z values presented here are only an order of magnitude estimate. Nevertheless, the range of K z of 10 to 3 ϫ 10 Ϫ4 m 2 s Ϫ1 at depths of 200 to 600 m is in agreement (1) with the estimate of Frank Peeters (pers. comm.) who estimated a tracer-based, whole-basin K z of 5 ϫ 10 Ϫ4 m 2 s Ϫ1 (for depths greater than 400 m) and (2) with the estimate of Shimaraev and Granin (1991) inferring K z ഡ 10 ϫ 10 Ϫ4 m 2 s Ϫ1 for the layer at depths of 200 to 800 m, based on the heat budget method averaged over several years. In order to illuminate the discrepancy with the Killworth et al. (1996) estimates and remove any remaining uncertainty, we carried out turbulence (temperature microstructure) measurements and obtained a tracer-independent K z estimate.
Diapycnal mixing inferred from temperature microstructure
Temperature microstructure method-The temperature microstructure method is based on the fact that temperature gradients-at least very small ones-are always present in natural waters. The relationship between temperature fluctuations at the smallest length scales (ϳmm), where temperature differences are smoothened by thermal diffusivity T [m 2 s Ϫ1 ], and the intensity of turbulent mixing is described by Batchelor's (1959) theory. Under isotropic and stationary conditions, the spectrum of one-dimensional temperature fluctuations follows the form 2 1/2 3/2 3/4 Ϫx q e
where x ϭ 2k z T 1/2 1/4 q 1/2 ⑀ Ϫ1/4 is the non-dimensional wave number, k z [cpm] is the one-dimensional wave number, is the kinematic viscosity of water (1 to 1.5 ϫ 10 Ϫ6 m 2 s Ϫ1 ), and q is the experimentally determined turbulence parameter set to q ϭ 3.4 (Dillon and Caldwell 1980; Oakey 1982) .
Rates of dissipation of TKE, ⑀ [W kg
Ϫ1 ], and of temperature variance, [K 2 s Ϫ1 ], were determined by fitting the spectra of 2-m long measured temperature profile segments to the model spectrum of Eq. (2). As given below in Eqs. (3) and (4), diapycnal diffusivity has been determined from those two basic turbulence quantities, ⑀ and , for temperature microstructure profiles collected in all three basins of Lake Baikal ( Fig. 1 ) in June and July 1996. Note that the microstructure method does not refer to a coordinate system and the diffusivity inferred is, strictly speaking, a diffusivity in the direction of the temperature gradient (i.e., diapycnal). However, since temperature gradients are typically vertical, diapycnal is practically vertical.
Temperature and its fluctuations were collected at 96 Hz from a FP07 fast-response thermistor using an adapted SBE-9 CTD as T-profiler (SeaBird, Bellevue, USA; Gloor et al. 1995) . The probe was allowed to fall freely at a speed of w P ϳ 0.1 m s Ϫ1 to ϳ600 m, limited by pressure constraints of the CTD pressure case. Data were transmitted to the computer on board via a thin and slightly-negatively buoyant electrical cable. To reduce quantization noise of the temperature fluctuations TЈ at small scales, pre-emphasis (Mudge and Lueck 1994) was applied by linearly enhancing the TЈ signal (as a function of frequency) before 16 bit A/D conversion (Gloor et al. 1995; Kocsis et al. 1999) . Response time correction and de-emphasis was applied to the calculated spectra before fitting Eq. (2) to T (k z ). We assumed a speed-dependent response time of the FP07 sensor of Resp ϳ (w P /m s Ϫ1 ) Ϫ0.32 ·7 ϫ 10 Ϫ3 s (ϭ15 ϫ 10 Ϫ3 s for w P ϭ 0.1 m s Ϫ1 ), according to Gregg and Meagher (1980) . Temperature spectra, calculated from the 2 m long vertical segments, which did not follow Batchelor's form (less than 10% of the spectra) were rejected and not analyzed further. With this arrangement, dissipation ⑀ (when between 10 Ϫ12 and 7 ϫ 10 Ϫ6 W kg Ϫ1 ) and (when between 10 Ϫ12 and 10 Ϫ6 K 2 s Ϫ1 ) can be resolved from within a factor of 2 (detailed analysis of noise level in Kocsis et al. 1999) . In Lake Baikal values varied actually from 8.0 ϫ 10 Ϫ12 to 4.3 ϫ 10 Ϫ7 W kg Ϫ1 for ⑀ and from 8 ϫ 10 Ϫ13 to 3 ϫ 10 Ϫ6 K 2 s Ϫ1 for . From ⑀ and diapycnal diffusivity (K ) was calculated by both the Osborn-Cox and dissipation methods. The OsbornCox model (Osborn and Cox 1972) estimates diapycnal diffusivity based on an assumed balance between the generation of temperature fluctuations ϽTЈ 2 Ͼ by turbulent vertical overturns in a mean temperature gradient dT/dz and its dissipation due to molecular diffusion. Neglecting all other TЈ-variance producing processes and assuming isotropy for scales smaller than the overturns leads to
The dissipation method assumes a stationary balance between the buoyancy flux (K·N 2 ), the production of potential energy by turbulent mixing against the stratified water column of stability N 2 , and dissipation ⑀ of TKE. We further assumed that a constant fraction of the dissipated TKE, expressed by the mixing efficiency ␥ mix , is transformed to buoyancy flux. With these assumptions, the vertical diffusivity is calculated as
where ␥ mix is expected among ␥ mix ϳ 0.12 (Peters and Gregg 1988) and 0.2 (Osborn 1980) . Since the Lake Baikal ␥ mix was uncertain, we proceeded by first calculating K -the Osborn-Cox K z . Then, the ␥ mix was obtained by using K in Eq. 4 (i.e., ␥ mix ϭ K N 2 /⑀). Substituting for K using Eq. 3, we have: , and dT/ dz) were averaged over 50-m long vertical segments and subsequently ␥ mix , K ⑀ and K were calculated with the same vertical resolution (Fig. 4) . The 50-m bins were chosen in order to obtain (1) reliable background stability, since the vertical extent of overturning eddies (Ozmidov scale
) can reach tens of meters and (2) statistically robust averages, since ⑀-and even more so -show broad intermittence (Yamazaki and Lueck 1990) . Hence, given that each 50-m bin contained 25 2-m estimates and given 4 to 10 profiles per station, the averages of and ⑀, as shown in Fig. 4 , consist of 100 to 250 individual 2-m estimates. We assume, that dissipation and consequently also diffusivity is correct within a factor of 2, as comparisons with shear microstructure (Oakey 1982; Kocsis et al. 1999 ) as well as with tracers (Wüest et al. 1996) , have demonstrated. Error associated with the temperature gradient (dT/dz) calculation was minimal given the high resolution of the SBE temperature sensor (0.15 mK).
Microstructure observations-Between 28 June 1996 and 10 July 1996 a joint cruise of the Limnological Institute of Irkutsk and EAWAG was undertaken in order to conduct temperature microstructure profiling in all three basins of Lake Baikal (Fig. 1) . In two legs, first heading northward then southward, at least 10 profiles were collected in every basin (52 profiles in total) from R.V. Titov down to a maximum depth of 600 m. The south and middle basin stations during the northward leg were designated S1 and M1, respectively. The same stations during the southward leg were designated S2 and M2. The temperature sensor was damaged during deployment in the south basin at the end of the southward leg of the cruise (S2). Microstructure data from that portion is, therefore, not reported here though the data was of sufficient quality for temperature plotting (Fig. 4a) . The data of the 25 deepest profiles (Table 1) are included in this analysis. Fig. 4 summarizes the microstructure observations at the four stations in the south (S1), middle (M1, M2) and north basin (N), with respect to temperature (a), stability (b), dissipation of temperature variance (c), dissipation ⑀ of TKE (d), mixing efficiency ␥ mix (e) and diffusivities K and K ⑀ (f). a) Temperature (Fig. 4a) : During the period of microstructure measurements, the water column below ϳ200-250m was stably stratified in respect to temperature in all three basins. Above 200 m, the different phases of the after icebreak up temperature development are evident. Whereas in the south basin, where ice break-up occurred about 2 months previously, temperature was always above T md (thin straight lines in Fig. 4a ), temperature stratification in the north basin was still inverse (ice break-up ϳ20 d delayed relative to south basin). In the middle basin, the surface layer was nearly homogeneous (indicating free convection). b) Stability of the water column ( Fig. 4b) : The different phases of the seasonal temperature development were also evident in the stability of the water column. The south basin had high surface and near-bottom stratification with a nearconstant middle depth stratification of 2 ϫ 10 Ϫ8 s Ϫ2 . The middle basin had low surface stratification due to the nearconstant temperature, a relatively high middle depth stratification of 4 ϫ 10 Ϫ8 s Ϫ2 , and a near-bottom stratification peak. The north basin had high surface stability due to the inverse temperature stratification but exhibited a distinct minima at about 250-m depth at the location of T md . c) Dissipation of temperature variance, , (Fig. 4c) : In all three basins showed an approximately exponential decrease as a function of depth (decreasing by 1/e every 50 m) from ϳ10 Ϫ7 K 2 s Ϫ1 at the surface to ϳ10 Ϫ10 K 2 s Ϫ1 below 400 m. Between M1(June 29-30) and M2 (July 6) between 200 and 400 m decreased by a factor of 3 and between 400 and 600 m by one order of magnitude-significantly more than the bootstrap standard deviations. In the north basin increased at a depth of about 200 m, where stratification ( Fig. 4b) was very weak. d) Dissipation of TKE, ⑀, (Fig. 4d) : With the exception of the top 50 to 100 m of the south basin where a sharp decrease in ⑀ was observed, ⑀ decreased exponentially in the top 400 m and then leveled off between 10 Ϫ10 and 10 Ϫ11 W kg Ϫ1 below 400 m. The level of dissipation in the middle basin was greater in the earlier northward cruise probably due to horizontal variability. e) Mixing efficiency ( Fig. 4e) : Neglecting a few outlying data points (some resulting from uncertainty in the temperature gradient due to very weak stratification and one resulting from an extremely low dissipation estimate), the mixing efficiency averaged 0.16 Ϯ 0.11. The median considering all the data from the three basins was 0.17. It seemed that ␥ mix is smaller in the surface layer (0.12 Ϯ 0.11) than in the permanently stratified water below 300-m depth (0.22 Ϯ 0.07), but due to the large scatter this increase may not be significant. (Table 1 ) collected in the south (left panels), middle, and north basin (right panels). The error bars indicate the standard deviation calculated with the bootstrap method. Data is presented from both the northerly stretch of the cruise (S1, M1, and N1) and the southerly return stretch (S2 and M2). f) Diapycnal diffusivity ( Fig. 4f) : The diapycnal diffusivity K and K ⑀ (Fig. 4f) were calculated using the OsbornCox (Eq. 3) and dissipation method (Eq. 4), respectively. The calculations were based on the station-averaged quantities presented in Figs. 4a-d and assuming ␥ mix ϭ 0.16. As one would expect from the structure of dissipation and stability, diapycnal diffusivity tended to be largest in the surface layer (with values exceeding 10 Ϫ2 m 2 s Ϫ1 ) and decreased to order 5 ϫ 10 Ϫ4 m 2 s Ϫ1 at 300 m. Below 300 m vertical diffusivity tended to level off at (9 Ϯ 2) ϫ 10 Ϫ4 m 2 s Ϫ1 for the Cox method and at (6 Ϯ 2) ϫ 10 Ϫ4 m 2 s Ϫ1 for the dissipation method considering all three basins. The uncertainty of the estimates reflects variability in . As with the dissipation estimates, the vertical diffusivity estimates for M1 are at least twice as big as those for M2 probably due to horizontal variability.
From the microstructure measurements we conclude that in the south basin, the diapycnal diffusivity estimated from the microstructure analysis was in rough agreement with the heat-budget derived K z (Fig. 3) . Both methods indicated relatively high K z between 200-300 m (6 to 20 ϫ 10 Ϫ4 m 2 s Ϫ1 ) with reduced levels (1 to 5 ϫ 10 Ϫ4 m 2 s Ϫ1 ) between 300 and 600 m. In addition, the microstructure diffusivity estimates are consistent with a deep water (below 400 m) estimate based on tracers (5 ϫ 10 Ϫ4 m 2 s Ϫ1 , Frank Peeters pers. comm.). However, it is significantly (2 to 3 orders of magnitude) more than that estimated by Killworth et al. (1996) . Considering all three basins, the permanently stratified water column between 300 and 600 m had an average diapycnal diffusivity of about 9 ϫ 10 Ϫ4 m 2 s Ϫ1 . Again, this is consistent with the tracer based estimate of Frank Peeters (pers. comm.) who estimated diffusivity to be 5, 6, and 2 ϫ 10 Ϫ4 m 2 s
Ϫ1
for the south, middle and north basins.
Since Osborn (1980) proposed ␥ mix ϭ 0.2 as an upper limit for the open ocean, many estimates based on microstructure measurements (Moum 1990; Oakey 1982; Yamazaki and Osborn 1993; Oakey 1988; Gregg et al. 1986; Peters and Gregg 1988; Gargett and Moum 1995; Moum 1996) and laboratory measurements (Rohr and Van Atta 1987) have been published. Often a range of values was found, with the conclusion that ␥ mix depends on the physical processes of the flow such as the degree of stratification and the source and intensity of the turbulence. In this context it is interesting that the ␥ mix obtained here (0.16) from the weakly stratified Lake Baikal is consistent with findings in more stratified natural waters.
Bottom current dynamics and energetics
Bottom currents observations-Near-bottom currents were measured for nearly two years (Table 2 ) from a moor- ͘ by using ⑀ LOW ϭ u* 3 /(h), where ϭ 0.41 is the von Karman constant, u* ϭ C h 1/2 u h , and h ϭ height above lake bottom; C 1m ϭ 2.3 10 Ϫ3 , C h is calculated according to C h ϭ C 1m ln 2 (1m/z 0 )/ln 2 (h/z 0 ) with z 0 ϭ 0.1 mm. † ⑀ ID is determined from the current fluctuations u h at height h above bottom by using the inertial dissipation method. ‡ P bot is determined by using P bot ϭ C 105m ͗u 105m 3 ͘; C 105m and u 105m corrected assuming Law and the Wall (LOW). The parenthetic data indicate how the estimate would vary if the logarithmic layer extended only to 4 m above bottom. § E determined from the decay of kinetic energy (͗u h 2 ͘/2) under ice. Diss determined the decay of near-bottom dissipation under ice. ¶ The reported velocities are those estimated at 105 m above bottom based on the mean P bot using the relation in the footnote above.
ing located close to the deepest site in the south basin (at 'S' in Fig. 1 ) at a depth of 1,390 m (inset in Fig. 1 ). Current data were collected every 20 min at either 4 m (indicated by U 4m ) or 105 m (indicated by U 105m ) above bottom (Table  2 ) by a 2D ADV (acoustic Doppler velocity meter SACM3, EG&G Marine Instruments, Burlington, MA-USA).
The observation period comprised three periods of open water (448 d without ice cover; Table 3 ) and two periods with ice cover (206 d; Table 3 ; ice cover indicated by thick horizontal line in Fig. 5 ). Over all, there is no dramatic seasonal structure in the deep water currents (Table 3 ; Fig. 5b ), which averaged about 3 ϫ 10 Ϫ2 m s Ϫ1 . However, the current dynamics in the south basin indicated some damping during the periods of ice cover. Analysis of kinetic energy (E ϭ 0.5 U 2 , Fig. 5c ), indicated decay time constants of the deep water currents under ice was 40 and 36 d for the two winters (Table 3) . By the end of the period of ice cover, the measured speed (Fig. 5 ) fell nearly to zero (Ͻ5 ϫ 10 Ϫ3 m s Ϫ1 ), confirming the zero-point laboratory calibration.
After ice break-up, it took months for the deep-water currents in the south basin to recover to the level of open water conditions. The recovery of the current energy was faster in 1997 as a result of the stronger wind energy (P 10 ) in spring that year (Fig. 5a ). Here, P 10 (ϭ air C 10 W ) is the vertical 3 10 wind energy flux at 10 m above water where air is the air density, C 10 is the drag coefficient, and W 10 is the wind speed at 10 m above water. In the 2 months following ice breakup the average wind energy flux was 0.087 and 0.141 W m Ϫ2 in 1996 and 1997, respectively. Assuming a typical water velocity of 0.03 m s Ϫ1 , a 1000-m water depth, and a 0.1% efficiency of energy transfer from wind to deep water (see discussion below), one obtains time scales for recovery of deep water kinetic energy of ϳ2 months (70 d) and ϳ1.5 months (40 d) in 1996 and 1997, respectively.
Beside the seasonal dynamics (ice-open water), the deepwater currents show fluctuations for at least two shorter time scales. The most prominent variations occur at a frequency of 1.6 d Ϫ1 (Fig. 6 ). The fact that this peak in the current spectrum corresponds nearly perfectly to the Coriolis frequency f ϳ 1.58 d Ϫ1 (ϳ1.15 ϫ 10 Ϫ4 s Ϫ1 ) at the local latitude of ϭ 52ЊN (f ϭ 2·⍀ sin(); ⍀ ϭ 0.73 ϫ 10 Ϫ4 s Ϫ1 ) indicates strong inertial features. The intensity of the inertial deepwater currents is apparently significantly stronger for open water conditions-when the inertial range contributes by far the most to the kinetic energy (Fig. 6a) -than under icecover, when inertial currents become completely eradicated (Fig. 6b) . This observation suggests that the currents in the lowest layers of this very deep lake draw the energy mainly from wind, which pumps energy at the inertial scale (kmrange) into the lake-a feature which evidently can exist for open water only.
For frequencies above f, the contribution to the current variance (Fig. 6a ) is most probably due to eddies progressively decaying from inertial scales toward the dissipation range. Fluctuations of the smaller (dm to m) and shorter (s to min) eddies will be analyzed in the next subsection.
The second noteworthy contribution seen in the energy conserving plot (Fig. 6a,b ) stems from eddies with length and time scales of several km and several days, respectively. This is probably the result of synoptic forcing wind since a similar peak is seen in the wind speed spectra. Compared with smaller and more stratified basins, the current spectra contains hardly any basin-scale seiching probably a consequence of the long seiche time scale (order months, Wetzel 1983).
Dissipation estimation from inertial subrange velocity spectra-Between the energy containing range (here ϳU/f) and the dissipative range (10 Ϫ2 m), the turbulent eddies can decay freely and develop a so-called inertial subrange. If the stratification allows the eddies to become isotropic, the velocity power spectra (k) depends only on the wavenumber k [rad m Ϫ1 ] and the rate of dissipation ⑀ of TKE by
where ␣ ϭ 1.56 (Wyngaard and Cote 1971) is the threedimensional Kolmogorov constant. Since the ADV measured horizontal (2D) current fluctuations at a fixed Eulerian point, we were able to determine only the two one-dimensional spectra: 11 (spectra of the longitudinal current) and 22 (spectra of the horizontal transverse current). Assuming again isotropy, those spectra follow bottom, at S; Fig. 1 ) during the second and third deployments. A near-linear relationship is evident suggesting that these velocity measurements at 4 m above bottom are in the BBL.
22 2 1 with ␣ 1 ϭ (18/55)·␣, ␣ 2 ϭ (4/3)·(18/55)·␣, and k 1 is the onedimensional wavenumber. Velocity bursts of 500 samples collected at 1/3 Hz were obtained 2 times per day. For each burst, the average velocity direction was calculated. The original data was then projected on the longitudinal and transverse direction obtaining two velocity time series. From the longitudinal and transverse velocity time series, frequency domain velocity spectra 11 and 22 were calculated and then transformed into the wave number domain by invoking Taylor's frozen turbulence assumption (wave number ϭ 2 velocity Ϫ1 frequency). Following Terray et al. (1996) , 22 k 1 5/3 and 11 k 1 5/3 were calculated producing 'flat spectra' (see Eqs. 7a,b) from which dissipation (⑀ ϭ mean(( 22 k 1 5/3 /␣ 2 ) 3/2 ) or ⑀ ϭ mean(( 11 k 1 5/3 / ␣ 1 ) 3/2 ) and its error (e.g., standard deviation) could be readily calculated. Due to its reduced error, we proceeded solely with the transverse velocity-based estimates.
Dissipation in the bottom boundary layer of the south basin-The dissipation estimates ranged from ϳ10
Ϫ12 to several 10 Ϫ8 W kg Ϫ1 (Fig. 5d , Table 3 ). The dissipation dynamics are clearly related to the cycle of open water and ice-cover. Whereas after the ice break-up, dissipation gradually increases as the deep water currents strengthen, dissipation decays approximately exponentially as a function of time under ice-cover with a time constant of one month ( Diss ϭ 26 and 30 d in the 1996 and 1997 ice coverage periods, respectively). Given that dissipation scales with the cube of velocity and kinetic energy E ϭ 0.5·U 2 with velocity squared (Eq. 8, below), E ϭ 1.5· Diss . The corresponding time scales of the decay of the kinetic energy ( E ) are, therefore, E ϳ 39 and 45 d for the 1996 and 1997 ice coverage periods, respectively. These estimates are in good agreement with the E estimates obtained directly from E. We proceed using E ϭ 40 d on the basis of the kinetic energy and dissipation data ( Table 3) . The level of the observed dissipation depended strongly on the distance h of the ADV from the lake bottom. During the second and third deployments (h ϳ4 m), dissipation (stars in Fig. 5d ) was more than an order of magnitude greater, compared with the first and fourth deployments (h ϳ 105 m; circles in Fig. 5d ). In addition, dissipation estimates for h ϳ 4 m were found to be linearly related to the cube U of 3 4m the velocity (Fig. 7) , whereas such a relation did not apply for h ϳ 105 m. This strongly suggests that the ADV was well within the turbulent bottom boundary layer (BBL) for h ϳ 4 m but above BBL for h ϳ 105 m. Assuming, the 'Law Of the Wall' (LOW) to be applicable-which is typically the case for smooth flow over the fine sediments in lakes and oceans-the dissipation ⑀ as a function of U scales as:
1m 1m where o is the bottom shear stress, u * ϭ ( o /) 1/2 is the friction velocity, ϭ 0.41 is the von Karman constant, and C 4m , C 1m and U 4m , U 1m are the drag coefficients and currents for h ϭ 4 and 1 m above bottom, respectively. Linear regression of Eq. (8) to the data in Fig. 7 leads to C 4m ϳ 1.5 and 1.8 ϫ 10
Ϫ3 for the second and third deployments, respectively. Shimaraev et al. (1994) . † Based on a daily 100-s average. ‡ Calculated according to W 10 ϭ 1.22·W 2 and P 10 ϭ C D · a ·W 10 3 with C D ϭ 1·10
Ϫ3 . § The annual average of the energy flux P 10 is smaller than during the open water period, as P 10 ϭ 0 during ice cover. Microstructure measurement from 26 June to 9 July 1996. ¶ South basin wind energy input rate assuming a surface area of 5,919 km 2 .
Using LOW C 4m can be transformed to C 1m by C 1m ϭ C 4m (ln 2 (4/z o ))/(ln 2 (1/z o )). Assuming that the roughness parameter z o associated with smooth turbulent flow was z o ϳ 0.1 mm (ϭ0.1/u * ), C 1m estimates of 2.0 and 2.7 ϫ 10 Ϫ3 were made for the second and third deployments, respectively. These values are close to others found in smooth flow regimes of the ocean and other lakes (e.g., C 1m ϭ 1.5 ϫ 10 Ϫ3 , Elliott 1984).
Near-bottom kinetic energy modeling-The measured near-bottom current kinetic energy E (throughout the four deployments) was compared with a linear model which assumes a wind energy input (E in ϭ f eff P 10 AM Ϫ1 ) and decay of water kinetic energy (E/ E ), i.e.,
eff 10 E where f eff is the fraction of the wind energy flux (P 10 ) entering the lake, A (ϭ 5.9 ϫ 10 9 m 2 ) is the surface area of the PSDW of the south basin, and M (ϭ 4.6 ϫ 10 15 kg) is the mass of the PSDW. The model was optimized when f eff ϭ 7.0 ϫ 10 Ϫ4 and ϭ 50 d (dashed line in Fig. 5c ). In addition, a non-linear model, which (more realistically) assumed a kinetic energy loss scaling with E 1.5 (ഠU 3 ) was considered (i.e., dE/dt ϭ f eff P 10 AM Ϫ1 Ϫ CE 1.5 ) where C is a constant. This model was optimized with f eff ϭ 9.3 ϫ 10 Ϫ4 and C ϭ 9 ϫ 10 Ϫ6 m Ϫ1 . From the constant C, a time constant of 53 d was obtained ( ϭ C Ϫ1 E where E ave is the average ki-Ϫ0.5 ave netic energy ϭ 5.9 ϫ 10 Ϫ4 m 2 s Ϫ2 ). However, the mean square error of the linear model was somewhat less (5.3 ϫ 10 Ϫ4 m 2 s Ϫ2 as opposed to 5.5 ϫ 10 Ϫ4 m 2 s Ϫ2 ). Considering the whole data set, the time constant for decay of kinetic energy was slightly longer than that observed under the ice (ϳ40 d; Table 3 ). The reason for this may be that the dissipation for open water conditions is less efficient. During the open water period from 30 June 1996 to 16 January 1997, E (from the linear model) was 60 d (Table 3) . However, the kinetic energy decay time constants from the linear model are uncertain relative to those from analysis of the decay of kinetic energy under ice. This is because of the imprecision of parts of the model such as the wind energy input efficiency constant which may well vary temporally due to changes in the air-water temperature differential and due to changes in surface stratification. Due to our greater confidence in the under-ice derived decay constant, we employ this constant in the remainder of the paper and assume that it is applicable throughout the year.
Turbulent kinetic energy balance in the south basin
Energy input by wind-As shown in Fig. 6 the energy for mixing in the deep water layers of Lake Baikal stems from wind energy entering the lake at the inertial scale. As this scale (km) is much shorter than the lake dimensions (hundreds of km), the energy input occurs locally and without much time delay (as compared with basin scale forcing in small/medium lakes). This enables TKE to be balanced locally and episodically.
We use the turbulent vertical wind energy flux 10 m above lake water (P 10 ) as a reference for the TKE balance, being aware that only a few % of P 10 enter the water body. During 1996/1997 the mean wind speed W 2 (measured 2 m above water) in the south basin (3.7 m s Ϫ1 ) was at the same level as the long term average in the south basin (4.0 m s Ϫ1 ), as well as the long term average in all three basins (3.7 m s Ϫ1 ) (Shimaraev et al. 1994 ; Table 4 ). There is no significant difference in wind intensity between the period of ice cover (3.8 m s Ϫ1 ), which lasted for 103 Ϯ 3 d from mid-January through April and the period of open water (3.6 m s Ϫ1 ) (Tables 3-5). Since there is no energy input during ice-cover (103/365 of the time), the annual average energy flux P 10 in the south basin for the two years of observations was 75 mW m Ϫ2 (compared with 113 mW m Ϫ2 without ice cover). At the time of the microstructure data collection in June and July 96, P 10 ϳ 35 mW m Ϫ2 was only half of the annual average (Table 4 ). As will be shown below, the level of turbulence during microstructure measurements was also about half of the 2 year average.
Dissipation in the surface layer-According to the microstructure data from the three basins, TKE dissipation was concentrated in the top ϳ50 m (average of 2.2 ϫ 10 Ϫ8 W kg
Ϫ1
). In the top 150 m, dissipation decreased approximately exponentially with depth decreasing by 1/e every 22 m. During the period of the microstructure measurement, the dissipation in the lake was between 1.2 and 1.5 mW m Ϫ2 (depending on the vertical integration), i.e., ϳ3-4% of P 10 . This fraction seems to be typical for stratified waters (Holloway 1980) and is consistent with that found in other turbulence studies (Imberger 1985) , given the inhomogeneous wind field and the uncertain residence time of the kinetic energy in the lake.
Dissipation in the interior of the stratified deep water-
Below 150-m depth, microstructure data indicated that dis- * Microstructure measurement from 26 June to 9 July 1996. † Quantities shown are based on the average quantities from the preceding column as well as bathymetric data from the south basin. ‡ Calculated as described in the section on the TKE balance. BBL ϭ bottom boundary layer. § P bot is determined by using P bot ϭ C 105m ͗u 105m 3 ͘; C 105m and u 105m were calculated assuming Law of the Wall (LOW). Total dissipation calculation assumes a bottom area of 5,919 km 2 (portion of basin bottom with z Ͼ 250 m).
sipation decreased exponentially with depth, decreasing by 1/e every 180 m, and reached a level of 4.2 ϫ 10 Ϫ11 W kg
Ϫ1
( Fig. 4d ) in 600-m depth. Between 600-m depth and the BBL, we lack information on dissipation. It is noteworthy that the annual average of the ADV dissipation estimates determined at 105 m above bottom was 8.2 ϫ 10 Ϫ11 W kg Ϫ1 (Table 3) -about twice as much as the microstructure ⑀ in 600 m. Also, we estimate that dissipation at h ϭ 105 m during the microstructure measurements was about 2.5 10
Ϫ11
W kg Ϫ1 based on current data (at h ϭ 4 m, 28-30 June 1996) and LOW, (see Table 3 , first footnote). Unfortunately, our data does not allow us to say conclusively whether the dissipation data at 105 m above bottom reflects interior conditions or BBL conditions. The fact that there was no apparent relationship between U and dissipation would 3 105m
suggest that h ϭ 105 m was above the BBL. However, LOW estimates of dissipation from velocity (Table 3) indicate that the observed dissipation levels could result from BBL turbulence. For the purposes of estimating water column dissipation, we proceed on the basis of a conservative (low) assumption and a non-conservative (high) assumption. The conservative assumption is that the 105-m ADV data reflected the BBL and not the interior. Below 600 m dissipation continued to decrease exponentially with the same (180 m) length scale. This assumption leads to an integrated dissipation between 600 m and 1290 m of 0.007 mW m Ϫ2 . The non-conservative assumption is that (during the microstructure measurements) the dissipation remained constant at an average 3.3 ϫ 10 Ϫ11 W kg Ϫ1 until the BBL (the average of 4.2 ϫ 10 Ϫ11 W kg
Ϫ1
at 600 m and 2.5 ϫ 10 Ϫ11 W kg Ϫ1 estimated at 105 m above bottom). This assumption implies an integrated dissipation between 600 m and 1290 m of 0.023 mW m Ϫ2 . For simplicity, we take the average integrated dissipation (0.015 mW m Ϫ2 ) and proceed. Considering the south basin bathymetry and surface area, the total dissipation in the PSDW (not including the bottom boundary layer) is 207 kW (Table 5 , i.e., 0.1% of P 10 , Table 4 ). This fraction (0.1%) is comparable to that found in other stratified natural waters including the ocean (Gregg and Sanford 1988) and other lakes (e.g., Farmer and Carmack 1981). A vertical integration of dissipation data in the interior deep water (P strat ), (i.e., forgoing volume averaging), yields about 0.04 mW m Ϫ2 .
Dissipation in the bottom layer near maximum depthThe integrated TKE dissipation within the BBL, P bot (Table  3) , was estimated by assuming a 105-m thick logarithmic bottom layer and using a calculated drag coefficient (C 105m ) of 0.001 (Table 3) . Considering P bot from the various time periods (Table 3) , we obtained a 2-year weighted average P bot of 0.082 mW m
Ϫ2 . The open-water and under-ice ϽP bot Ͼ were 0.095 mW m Ϫ2 and 0.053 mW m Ϫ2 , respectively (Table  3) . Again, we see that bottom friction consumes about ϳ0.1% of P 10 . During microstructure measurements P bot was only 0.032 mW m
Ϫ2 ; yet another indication that in June/ July 1996 turbulence was about one half of the 2 year average. Note that the dissipation between 250 m and the BBL (ϽP strat Ͼ) was about 10% greater than ϽP bot Ͼ during the time of microstructure measurements (Table 5) .
Temporal variation of energetics in PSDW-Having studied the spatial distribution of energy dissipation in the PSDW, we turned to the issue of temporal variability. Since, excepting the microstructure measurement period, we lack dissipation data between 250 m and the BBL, the interior dissipation (between 250 and the BBL, ϽP strat Ͼ) was estimated on the basis of the bottom dissipation velocity using the relationship observed during the microstructure measurement period (ϽP strat Ͼ ϭ 1.1 ϽP bot Ͼ).
We estimated the kinetic energy balance for the 1996 and 1997 study period, for periods of ice cover, for open water, and for the period of microstructure measurements (Table 6 ). The energy dissipation of the PSDW (E M / E , where E M ϭ EM) was estimated for each time period on the basis of the 2 years of ADV current data (and the derived kinetic energy) and using the time scale for kinetic energy decay under ice ( E ϭ 40 d, Table 3 ). In general, these PSDW estimates were in agreement with separate estimates of internal dissipation (P strat ) and BBL dissipation (P bot ) (from Table 3 ). That is, PSDW dissipation ϳP strat ϩ P bot .
As discussed previously, the period of microstructure measurements saw energy levels that were one-third to one- 
) estimate is based on near-bottom velocity (ADV) data and PSDW mass of 4.63 10 12 kg. † Based on measured and estimated dissipation between 250-m depth and BBL (Table 5) . ‡ Estimated from the BBL dissipation estimate, P bot in Tables 3 or 5 . The parenthetic data in the second column indicate how the estimate would change if the logarithmic layer extended only to 4 m above bottom. The total [MW] estimate is based on a south basin bottom surface area of 5,919 km 2 . Note that with the latter estimate, the relationship PSDW dissipation ϳ P strat ϩP bot holds.
half of long term conditions. In addition, open water conditions were twice as energetic as under-ice conditions (Table 6). Comparing the 2-y wind power P 10 with the PSDW dissipation (including BBL) indicates that 0.2% of the wind energy flux ends up in the permanently stratified water of Lake Baikal.
Concluding summary
Based on the analysis of (1) 25 temperature microstructure profiles of 600-m depth, (2) near-bottom currents, as well as (3) daily near-bottom current bursts (sampled at 1/3 Hz), both collected at the deepest location in the south basin for over 2 years, (4) monthly CTD profiles, and (5) daily wind velocity, we draw the following conclusions with respect to small-scale turbulence and diffusive mixing in the PSDW in Lake Baikal's south basin:
(1) Due to the pressure-dependence of the temperature of maximum density and the constraining influence of the heat fluxes, the water column below ϳ250-m depth is very weakly but permanently stratified (N 2 ϳ 2 ϫ 10 Ϫ8 s Ϫ2 ). In the PSDW small-scale turbulence is responsible for the diffusive-type vertical fluxes, which compensates the advectivetype ones caused by deep-water intrusions.
(2) The energy for turbulent mixing stems nearly entirely from wind transferring momentum at the inertial scale (f ϳ 1.6 d Ϫ1 ) into the lake during the period of open water (260 d per annum). Only 0.2% of the observed mean P 10 ϳ 75 mW m Ϫ2 reached the PSDW, a value which is also typical for much shallower stratified waters.
(3) Interior turbulence (away from bottom boundaries), measured during 2 weeks when turbulence was generally a factor 2 below average, decayed exponentially as a function of depth (e-folding scale ϳ180 m) below 100 m. At 105 m above bottom, internal turbulence followed the seasonal wind forcing, reaching the maximum before ice build-up and the minimum at the end of the ice cover. The temporallyaveraged and vertically integrated PSDW interior dissipation (excluding the BBL) would be ϳ0.1 mW m Ϫ2 , which is about one third of the dissipation measured in the ocean thermocline (Gregg and Sanford 1988) . Our non-integrated dissipation estimates (ϳ10 Ϫ9 W kg Ϫ1 at 100 m and ϳ10
Ϫ10
W kg Ϫ1 between 300-and 600-m depth) also corresponded well with the ocean measurements (ϳ1-2 ϫ 10 Ϫ9 W kg Ϫ1 at 100 m and ϳ1.5 ϫ 10 Ϫ10 W kg Ϫ1 at 1000 m) though the decay of dissipation with depth was clearly slower in the ocean. In addition, our interior estimates (between 10 Ϫ9 and 10 Ϫ10 W kg Ϫ1 ) are consistent with offshore Mono Lake thermocline data (MacIntyre et al. 1999) , interior (below 10 m) Lake Alpnach data (Wüest et al. 1996) , and Lake Constance data under low wind forcing (Kocsis et al. 1998) . Finally, the average dissipation ⑀ ϳ 10 Ϫ10 W kg Ϫ1 in a stratification of N 2 ϳ 2 ϫ 10 Ϫ8 s Ϫ2 implies active-or even isotropicturbulence (⑀ ϳ 100 ϫ (25N 2 ); Gargett et al. 1984 ) with huge overturning eddies (Ozmidov scale (⑀N Ϫ3 ) 1/2 ϳ 5 m). (4) By applying Eq. (5) to the microstructure dissipation rates of TKE and of temperature variance, we inferred a mixing efficiency (i.e., the rate of change of potential energy per dissipation) of ␥ mix ϳ 0.16 Ϯ 0.1. Even though this value is uncertain due to the limited number of microstructure profiles, ␥ mix ϳ 0.16 is among the values determined from other microstructure data. It is noteworthy that ␥ mix measured in very weakly stratified water is not different from that obtained from more stratified natural waters.
(5) Currents, measured 4 m above lake sediment, behaved as those of smooth flow in a logarithmic BBL and indicated a drag coefficient of C 4m ϳ 1.6 Ϯ 0.2 ϫ 10 Ϫ3 (corresponding to C 1m ϳ 2.3 Ϯ 0.2 ϫ 10 Ϫ3 ). The bottom current speed U 4m as well as dissipation within the BBL (averaging to P bot ϳ 0.08 mW m Ϫ2 ) followed the seasonal pattern revealing twice as much dissipation during open water conditions as during periods of ice-cover.
(6) During the period of microstructure measurements, dissipation in the interior (207 kW) and within the BBL (189 kW) suggest that both processes contribute ϳ50% to the total production of turbulence within the PSDW. This observation corroborates with observations in deep waters of ocean basins (Ledwell and Bratkovich 1995; Ledwell and Hickey 1995) as well as in lakes (Goudsmit et al. 1997; MacIntyre et al. 1999) , emphasizing the increasing importance of boundary turbulence for diapycnal mixing at large depth.
(7) The PSDW averages of dissipation and kinetic energy provide an energy residence time of E ϭ 40 d, in agreement with the damping time scales of 38 Ϯ 2 and 42 Ϯ 3 d determined from the decay of current kinetic energy and dissipation, respectively, under ice. The consistent estimates of the rate of dissipation by means of two different methods indicate that the TKE sinks (interior and boundary) are correctly identified and quantified. During the 103 Ϯ 3 d of ice cover, the kinetic energy and speed were respectively reduced by 92% and 70%.
(8) Applying PSDW-average quantities of dissipation, mixing efficiency, and stability of ⑀ ϳ 2.3 ϫ 10 Ϫ10 W kg
Ϫ1
(based on a total PSDW dissipation of 1050 kW and a basin volume (below 250 m) of 4628 km 3 ), ␥ mix ϳ 0.16 and N 2 ϳ 2 ϫ 10 Ϫ8 s Ϫ2 , respectively to Eq. 4 yields a diapycnal diffusivity of ϳ20 ϫ 10 Ϫ4 m 2 s Ϫ1 . The vertical structure of K z within PSDW is uncertain, but it is evident, that K z has two maxima: one at the upper end of the PSDW (at 250-m depth, where internal turbulence is at maximum; ϳ90 ϫ 10 Ϫ4 m 2 s Ϫ1 ) and one in the deepest layer (where sediment area per volume is largest). In between (at about 600 to 800 m) we expect K z to have a minimum of ϳ10 ϫ 10 Ϫ4 m 2 s Ϫ1 ). Since sediment area per volume increases with depth, BBL turbulence dominates interior turbulence below ϳ800 m.
(9) The range of 10-90 ϫ 10 Ϫ4 m 2 s Ϫ1 for the vertical diffusivity in the upper part of the PSDW is backed up by two different microstructure methods, by the heat balance in this and previous publications (K z ഡ 10 ϫ 10 Ϫ4 m 2 s Ϫ1 ; Shimaraev and Granin, 1991), as well as by analysis of the developments of CFCs, tritium, helium and dissolved oxygen profiles (Frank Peeters, pers. comm.) . Allowing an uncertainty of a factor of 2-which is realistic given all the insufficiencies of the model assumptions and the data-we conclude without any doubts, that diffusivity within PSDW is 3 orders of magnitude larger than Killworth et al. (1996) estimate.
(10) If the temperature profiles in Lake Baikal south basin were in a quasi-steady state, the diffusive vertical flux of heat (c p K z ·dT/dz; corresponding to ϳ6 W m Ϫ2 ) through the cross sectional area A ϳ 5919 km 2 in 250-m depth must balance the amount of heat replaced in PSDW by the intrusion of water masses per time, Q, intruding at ⌬T lower temperature; i.e: A·K z ·dT/dz ϭ Q·⌬T. Given K z (90 ϫ 10 Ϫ4 m 2 s Ϫ1 ) , dT/dz (7 ϫ 10 Ϫ4 K m Ϫ1 ; Fig. 2b) , and further assuming Q to be 10% of the PSDW per annum (i.e., ϳ460 km 3 a Ϫ1 ) requires that the intruding water masses be 2 K cooler. However, continuous thermistor recordings in the deepest 100 m of the south basin (mooring see Fig. 1 ) show intrusion events with ⌬T at only about 0.2 K. Probably, some of the cold water intrusions come from exchange with the colder middle basin at the level of the sill (400 m). Making the heat balance calculation at 400-m depth (where K z ϭ 15 ϫ 10 Ϫ4 m 2 s Ϫ1 ) yields a ⌬T of only 0.3 K, in agreement with observations.
Balancing turbulent kinetic energy in the permanently stratified deep water of the south basin allowed us to infer the rate of change of potential energy and turbulent diffusivity despite the extreme conditions (e.g., weak stratification, great depth and ice cover). The turbulence data are consistent with that from other natural waters in completely different physical settings. Despite the fact that Lake Baikal is the largest lake on Earth, the data indicate the dominance of boundary turbulence at great depths (below 800 m). The average vertical diffusivity ϳ20 ϫ 10 Ϫ4 m 2 s Ϫ1 , inferred from purely energetic arguments, agree well with tracer-based estimates.
